Abstract. High-resolution in situ balloon measurements of water vapour, aerosol, methane and temperature in the upper tropical tropopause layer (TTL) and lower stratosphere are used to evaluate the processes affecting the stratospheric water budget: horizontal transport (in-mixing) and hydration by cross-tropopause overshooting updrafts. The obtained in situ evidence of these phenomena are analysed using satellite observations by Aura MLS (Microwave Limb Sounder) and CALIPSO (Cloud-Aerosol Lidar and Infrared Pathfinder Satellite Observation) together with trajectory and transport modelling performed using CLaMS (Chemical Lagrangian Model of the Stratosphere) and HYSPLIT (Hybrid SingleParticle Lagrangian Integrated Trajectory) model.
Balloon soundings were conducted during March 2012 in Bauru, Brazil (22.3 • S) in the frame of the TRO-Pico campaign for studying the impact of convective overshooting on the stratospheric water budget. The balloon payloads included two stratospheric hygrometers: FLASH-B (Fluorescence Lyman-Alpha Stratospheric Hygrometer for Balloon) and Pico-SDLA instrument as well as COBALD (Compact Optical Backscatter Aerosol Detector) sondes, complemented by Vaisala RS92 radiosondes. Water vapour vertical profiles obtained independently by the two stratospheric hygrometers are in excellent agreement, ensuring credibility of the vertical structures observed.
A signature of in-mixing is inferred from a series of vertical profiles, showing coincident enhancements in water vapour (of up to 0.5 ppmv) and aerosol at the 425 K (18.5 km) level. Trajectory analysis unambiguously links these features to intrusions from the Southern Hemisphere extratropical stratosphere, containing more water and aerosol, as demonstrated by MLS and CALIPSO global observations. The in-mixing is successfully reproduced by CLaMS simulations, showing a relatively moist filament extending to 20 • S. A signature of local cross-tropopause transport of water is observed in a particular sounding, performed on a convective day and revealing water vapour enhancements of up to 0.6 ppmv as high as the 404 K (17.8 km) level. These are shown to originate from convective overshoots upwind detected by an S-band weather radar operating locally in Bauru.
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Introduction
The tropical tropopause layer (TTL) is a region of transition between tropospheric convective and stratospheric radiative regimes. Extending between the main level of convective outflow (∼ 14 km) and the maximum level reachable by convection (18-19 km) , the TTL sets the boundary conditions for the composition of air entering the global stratosphere (Fueglistaler et al., 2009) . Accurate knowledge of the TTL physical processes and their interplay is thus of key importance for understanding climate change (Randel and Jensen, 2013) . The role of stratospheric water vapour in global surface climate is now well recognised (Solomon et al., 2010; Riese et al., 2012; Dessler et al., 2013) , evoking the need to better constrain the TTL processes governing the entry level of stratospheric water vapour.
There are three transport processes controlling the water vapour abundance in the TTL, thereby setting the global stratospheric water budget: (1) slow ascent in the upward branch of the Brewer-Dobson circulation leading to dehydration of air passing through the coldest regions of the TTL (2) fast cross-tropopause vertical transport (convective overshooting) and (3) quasi-horizontal transport from the extratropics (in-mixing). The dehydration (freeze-drying) along the slow ascent or advection occurs primarily in the western Pacific and maritime continent ("cold trap" hypothesis) -a region of large-scale slow ascent and cold TTL anomaly (Holton and Gettelman, 2001) , where the cold-point tropopause (CPT) temperatures experience minimum during austral summer (Gettelman and Forster, 2002) .
While the dehydration process followed by upward and poleward transport of dry air is generally deemed to be of primary importance for the mean stratospheric water concentration and seasonality, the effect of overshooting convection on the TTL water vapour (dehydration vs. moistening and the net effect) has been under debate for many years (Randel and Jensen, 2013) . There is a growing amount of observational evidence that overshooting convection, injecting material directly into the uppermost TTL has a moistening effect on the lower stratosphere (Kelly et al., 1993; Corti et al., 2008; de Reus et al., 2009; Schiller et al., 2009; Sargent et al., 2014) . Consistent with the observations, simulations of overshooting events using cloudresolving modelling show significant localised moistening of the lower stratosphere (Chaboureau et al., 2007; Jensen et al., 2007; Grosvenor et al., 2007; Chemel et al., 2009; Liu et al., 2010) . A dehydrating effect of overshooting may occur only if the TTL is initially supersaturated with respect to ice, as concluded by Jensen et al. (2007) . In contrast to that, Randel et al. (2015) found that enhanced tropospheric convection within Asian and North American monsoons leads to reduced stratospheric water vapour. While upscaling the overshooting events and quantifying their net effect on water vapour remains a difficult task, various space-borne observations suggest that the most vigorous convection, capable of direct transport of material into the lower stratosphere, is mostly restricted to the tropical land regions (Liu and Zipser, 2005; Ricaud et al., 2009; Iwasaki et al., 2010; Bergman et al., 2012; Khaykin et al., 2013a; Carminati et al., 2014) .
Another important contributor to the composition of the TTL is the horizontal (isentropic) transport from the extratropical lower stratosphere (in-mixing), the significance of which is pointed out in a number of model-and observationbased studies (Marcy et al., 2007; Konopka et al., 2009; Homan et al., 2010; Ploeger et al., 2012; Sargent et al., 2014) . The in-mixing into the TTL is mostly driven by the anticyclonic circulation of the large monsoon systems in both hemispheres. The strongest Asian monsoon is considered responsible for the boreal summer maximum of in-mixing from the Northern Hemisphere , whereas in the Southern Hemisphere, the in-mixing peaks in February . The net fraction of in-mixed air varies between 5 and 20 % according to Ploeger et al. (2012) and appears most apparent in tracers with stratospheric origins and strong latitudinal gradients, such as O 3 and HCl (Marcy et al., 2007) . Based on the transport model simulations, the effect of in-mixing on stratospheric water is expected to be limited due to a small latitudinal gradient of this trace gas, although this inference has not been yet verified observationally.
Transport processes influencing the TTL composition, be they slow ascent, fast overshooting or horizontal in-mixing, have been mainly studied using trajectory and mesoscale modelling, whereas in situ observational evidence, indispensable to constrain the models, is lacking. Satellite observations, providing a global perspective, are not capable of resolving kilometre-scale vertical distribution of gases in the TTL, thus missing the signatures of transport processes. This paper presents in situ observational evidence of the coexistence of the two out of three transport mechanisms described above -convective overshooting and in-mixing detected by accurate high-resolution balloon-borne measurements of water vapour, methane and aerosol in the TTL above Bauru, Brazil (22 • S) in March 2012. Satellite measurements, radar acquisitions and trajectory/transport modelling are used to interpret the origin of vertical structures observed in situ. The paper is organised as follows: Sect. 2 provides a description of experimental set-up, instrumentation used and models exploited. Sections 3 and 4 describe the Atmos. Chem. Phys., 16, [12273] [12274] [12275] [12276] [12277] [12278] [12279] [12280] [12281] [12282] [12283] [12284] [12285] [12286] 2016 www.atmos-chem-phys.net/16/12273/2016/ observations of horizontal and vertical transport signatures respectively. Section 5 discusses the relative importance of both transport mechanisms and summarises the paper. The plastic balloon payloads included Pico-SDLA instruments for water vapour and methane measurements whereas the rubber balloons were carrying lightweight FLASH-B and COBALD sondes for measurement of water vapour and aerosol backscatter respectively. The thermodynamical data were provided by Vaisala RS92 radiosondes integrated in the payload. On 13 March 2012, a rubber balloon payload (FLASH-B + COBALD) was flown in parallel with a plastic balloon payload (Pico-SDLA H 2 O), which provided quasisimultaneous measurements of water vapour using two hygrometers. Point-by-point intercomparison of the obtained water vapour profiles (Ghysels et al., 2016) showed excellent agreement with a mean difference above 15 km of 0.5 % (0.02 ± 0.21 ppmv).
Balloon-borne in situ instruments
Fluorescence Lyman-Alpha Stratospheric Hygrometer for Balloon (FLASH-B) is a compact lightweight sonde developed at the Central Aerological Observatory of Roshydromet, Russia for water vapour measurements in the upper troposphere and stratosphere (Yushkov et al., 1998) . The instrument uses an open coaxial optical layout, where the analysed volume is located outside the instrument. This allows the size of the instrument to be reduced to a small sonde with a total weight of about 1 kg including batteries but restricts its application to night-time. The typical precision of the hygrometer in the stratosphere is 5-6 %, whereas the total uncertainty, including the calibration error is estimated to be below 10 %. This estimate is rather conservative as suggested by comparisons with other water vapour instruments, showing discrepancies below 5 % (Khaykin et al., 2013b) . Here we use the data averaged over 4 s, resulting in a vertical resolution of 20 m during ascent and 50 m during the parachuted descent in the lower stratosphere. The detection limit is 0.1 ppmv. The flight configuration of FLASH-B, in which the analysed volume is located beneath the downwardlooking optics, causes self-contamination due to water outgassing from the instrument and eddy diffusion above about 70 hPa during ascent when the contribution of water residing on the instrument walls becomes comparable to the ambient vapour pressure. By contrast, the descent measurements at the bottom of the flight train in undisturbed air are contamination-free throughout the stratosphere (Khaykin et al., 2013b) .
Pico-SDLA H 2 O and CH 4 are lightweight infrared spectrometers measuring in situ water vapour at 2.63 µm and methane at 3.24 µm respectively by direct absorption spectroscopy (Durry et al., 2008; Ghysels et al., 2011) . The optical path length for water vapour and methane measurements are 1 and 3.6 m respectively in ambient air. During the campaign the mass of these spectrometers with the electronic parts and the mechanical protections was less than 9 kg (Pico-SDLA H 2 O) and around 15 kg (Pico-SDLA CH 4 ). The uncertainty of the measurements is defined by the signal-tonoise ratio of the spectra, the polynomial order for baseline fitting, the number of points chosen for the interpolation, the quality of the spectroscopic parameters and the temperature and pressure measurement accuracy. The total uncertainty of water vapour measurements ranges from 7.5 to 3.5 % in the TTL. The total uncertainty of methane measurements ranges from 3.5 to 5 % between 15 and 22 km (Ghysels et al., 2014) .
Compact Optical Backscatter Aerosol Detector (COBALD) is a compact balloon-borne backscatter instrument developed in the group led by Prof. Thomas Peter at ETH Zurich. With a total weight of approximately 550 g including batteries, COBALD measures molecular, aerosol and cloud particle backscatter in the atmosphere from the ground to the level of balloon burst. COBALD sondes have been applied for studies of cirrus clouds (Brabec et al., 2012; Cirisan et al., 2014) volcanic aerosol (Bukowiecki et al., 2011) and non-volcanic aerosol (Vernier et al., 2015) . The instrument makes use of two LEDs of 250 mW optical power each emitting light at 455 and 940 nm wavelengths. To register the backscattered light, a silicone photodiode is placed between the LEDs, and the associated optics establishes an overlap region at distances larger than 0.5 m in front of the instrument. The instrument is designed for night-time use only, as solar radiation saturates the detector. Radiosonde pressure and temperature are used to calculate the molecular backscatter, which is then used to infer the scattering ratio (SR) as total signal referenced to molecular contribution. The SR profiles are binned to 1 hPa pressure intervals to reduce measurement noise, which typically increases in the stratosphere. While the SR is not quantified absolutely, the analysis of the entire sounding profile leads to an absolute error interval of 5 % with precision better than 1 % in the lower stratosphere (Vernier et al., 2015) .
By definition, the aerosol contribution to the SR (aerosol scattering ratio) is given as a surplus with respect to unity, i.e. SR − 1.
Remote sensing instruments
An S-band weather radar of IPMet was continuously operating at the campaign site and provided information on the echo top heights. The IPMet radar has a 2 • beam width and a range of 450 km for surveillance, but when operated in volume scan mode every 7.5 min, it is limited to 240 km, with a radial resolution of 250 m and 1 • in azimuth, recording reflectivities, spectral width and radial velocities at 16 elevations between 0.3 and 45 • .
The Microwave Limb Sounder (MLS) instrument, launched in 2004 on board the Aura satellite, is designed to measure a number of chemical species and temperature and provides over 3500 vertical profiles per day evenly distributed between 82 • S to 82 • N. Here we use the version 4.2 water vapour profiles described by Livesey et al. (2015) who report, for the lower to middle stratosphere, a vertical resolution of 2.8-3.2 km, a horizontal resolution of 198-290 km, an accuracy of 4-9 % and a precision of 6-15 %. The data screening criteria specified by Livesey et al. (2015) have been applied to the data.
Cloud-Aerosol Lidar with Orthogonal Polarization (CALIOP) is a primary instrument on board the CALIPSO satellite, in operation since 2006 (Winker et al., 2009 ) and providing backscatter coefficients at 532 and 1064 nm. The vertical resolution of CALIOP varies with altitude, from 30 m in the lower troposphere to 180 m in the stratosphere. In this study we use the CALIOP night-time 532 nm level 1B version 4.0 product for computing zonal-mean scattering ratios after discarding the South Atlantic magnetic anomaly zone. The data are post-processed using a treatment described by Vernier et al. (2009) and cloud-cleared in the upper troposphere using a depolarisation ratio threshold of 5 %.
Trajectory and transport modelling
For tracking the origin of air masses sampled in situ by the balloons, we use the models HYSPLIT and CLaMS. HYS-PLIT (Hybrid Single-Particle Lagrangian Integrated Trajectory) model (Stein et al., 2015) was fed by GDAS (Global Data Assimilation System) reanalysis provided at 0.5 • × 0.5 • grid and 55σ -pressure levels between the surface and 10 hPa. The trajectories are calculated using altitude as the vertical coordinate, with the vertical velocity deduced from the GDAS meteorological fields. CLaMS (Chemical Lagrangian Model of the Stratosphere) is a modular Chemistry Transport Model (CTM) developed at Forschungszentrum Jülich, Germany (McKenna et al., 2002) . The model transport is driven by the meteorological fields from the European Centre for Medium-range Weather Forecasts (ECMWF) ERA-Interim reanalysis (Dee et al., 2011) . The trajectories are calculated using potential temperature as the vertical coordinate, with the (diabatic) vertical velocity deduced from the forecast total diabatic heating rate (Andrews et al., 1987, Eq. 3.1.3e ). Small-scale atmospheric mixing is parameterised in the Lagrangian model CLaMS in relation to shear and strain rates in the large-scale flow, such that the mixing occurs in regions of strong flow deformations. Further details about CLaMS simulation used here are given by Pommrich et al. (2014) .
3 Evidence of horizontal transport (in-mixing)
Detection of in-mixing signatures
Five balloon measurements of water vapour (FLASH-B and Pico-SDLA) and aerosol (COBALD) conducted over a period between 11 and 16 March 2012 revealed a recurring 300-500 m-thick layer of enhanced water vapour and aerosol concentration centred at the 425 K potential temperature level (∼ 18.5 km). The amplitude of enhancements reached 15 % (0.5 ppmv) in water vapour mixing ratio and 29 % in aerosol scattering ratio. A methane vertical profile obtained by the Pico-SDLA instrument on 14 March revealed a reduction of CH 4 mixing ratio by 100 ppbv (∼ −6 %) at the same level. Figure 1 displays the vertical profiles of water vapour (solid red) and scattering ratio (solid green) obtained on 13 March, when the layer had the largest thickness and amplitude of enhancement. The methane profile (solid blue) obtained on 14 March, featuring a local minimum in the corresponding layer, is also displayed in Fig. 1 . Note that the altitude and amplitude of the water vapour enhancement are identical to those reported by the Pico-SDLA hygrometer (see Sect. 2 and Ghysels et al., 2016) . Two other local maxima in water vapour, detected by FLASH-B at 404 and 386 K, do not have corresponding enhancements in SR and are not observed in other flights. These features are discussed in Sect. 4. The nearest matching MLS water vapour profile (red/black squares), acquired on the same night, ∼ 50 km away from the sounding location, is also provided in Fig. 1 . It demonstrates a good agreement with the coincident balloon measurements, although the subkilometre vertical structures are expectedly missed by MLS.
COBALD backscatter measurements were converted to 532 nm for comparison with CALIPSO after deduction of the Angstrom exponent from 455 and 940 nm COBALD channels, similarly to Vernier et al. (2015) . The zonally and monthly averaged SR profile from CALIPSO (green/black circles), showing a step-like increase in scattering ratio just above the upper boundary of TTL, is consistent with COBALD profile; however the enhancement at 425 K is only seen in COBALD local observation. This suggests a limited spatio-temporal extent of the observed feature. Fig. 2) . See text for detail.
Satellite perspective and trajectory modelling
The origin of the observed layer is investigated using CLaMS trajectories initialised at eight levels within and around the layer -these levels are marked by circles and triangles in Fig. 1 . The same convention for markers is used in Fig. 2 , displaying the latitudinal locations of the air masses from within and outside the layer 15 days prior to the 13 March sounding. Trajectory analysis suggests that the water/aerosol-enriched layer originates from the extratropical stratospheric overworld (θ > 380 K), as opposed to the layers directly below and above, which are traced back from within the Southern Hemisphere tropics. The transport from middle and high latitudes is of quasi-isentropic nature as the isentropes shown in Fig. 2 suggest. The latitude-altitude distribution of water vapour from MLS displayed in Fig. 2 explains the enhanced humidity of the layer: the extratropical stratosphere around the 440 K level contains about 20 % more water than the tropical lower stratosphere. Indeed, the mixing ratio of 4.2 ppmv measured in situ within the layer is fully compatible with MLS zonalmean values at the source locations. The same interpretation is applicable to the enhanced aerosol in situ readings in the layer: higher aerosol load (SR > 1.07) of the southern midlatitude stratosphere is evident.
The water vapour minimum throughout the TTL, as seen by MLS in February, is associated with dehydration of air parcels advected through the "cold trap" predominantly above the western Pacific region (Holton and Gettelman, 2001) . The increase of LS water towards high latitudes is Figure 2 . Latitude-altitude section of monthly zonal mean MLS water vapour (a) and CALIPSO scattering ratio (b). Larger markers (circles and triangles) indicate the location of the sampled air masses 15 days prior to balloon sounding on 13 March (same convention as in Fig. 1 ) Smaller markers indicate the locations where trajectories were initialised. Circles denote the trajectories initialised from the WV/SR enhancement; triangles denote trajectories initialised at levels below and above. The isentropes (white contours) and the lapse rate (LR) tropopause (grey curve) were calculated using zonally averaged COSMIC GPS radio-occultation measurements (Anthes et al., 2008). commonly associated with the diabatic subsidence of airenriched with water through methane oxidation -in the descending branch of Brewer-Dobson circulation. For this reason the extratropical stratosphere contains more water vapour and less methane. The latitude distribution of aerosol load, featuring a minimum in the TTL and midlatitude lowermost stratosphere, can be explained by cross-tropopause transport of clean tropospheric air (cleansing) during the austral summer convective season (Vernier et al., 2011) .
CLaMS transport simulation
The in-mixing of extratropical air -as suggested by the trajectory analysis -is precisely demonstrated by the water vapour fields simulated by CLaMS. Figure 3a displays the CLaMS water vapour at 420 K above South America and South Atlantic ocean. The simulation reports water mixing ratios below 3 ppmv wherever the winds are easterly, that is mainly within the tropical belt, where water vapour is de- pleted by "cold trap" dehydration. South of 40 • S, strong westerly winds and higher mixing ratios (> 4 ppmv) prevail. The ERA-Interim wind fields in Fig. 3 show an enhanced meridional wind component above the South Atlantic, related to a Rossby wave breaking event (as suggested by ERAInterim potential vorticity fields, not shown), which supplies humid high-latitude air up to 40 • S, where it is entrained by the tropical zonal flow. As a result, a moist filament, several thousand kilometres long and only a few hundred kilometres thick, is formed. The filament extends sharply above the sounding location on 13 March.
Over the following days, as suggested by the model simulations (not shown), the filament weakens, mixes out with the ambient drier air and vanishes completely by 17 March. According to CLaMS, the intrusion was most prominent on 13 March, which is fully compatible with the balloon soundings that showed a maximum amplitude of water enhancement at 420-430 K on 13 March. Simulation of methane fields (Fig. 3b) at this level reveals a corresponding filament of methane-poor air, which is compatible with the in situ methane profile of 14 March, showing a subtle reduction of methane mixing ratio at the 425 K level. A notable anticorrelation between the water and methane fields is expectable since photochemical oxidation of methane in the stratosphere yields water vapour. The age of air inside the filament -as estimated using CLaMS -is 18 months on average, which is substantially older than the tropical belt air, with mean age of about 7-8 months.
Evidence of vertical transport of water (overshooting)
In the previous section we showed that the enhancements in water vapour and aerosol at 425 ± 5 K, detected in a series of successive soundings and corresponding to methane reduction feature, can be unambiguously attributed to long-range horizontal transport (in-mixing). However, this interpretation does not hold for the two other water vapour enhancements at 404 and 386 K -specific to a single sounding, which prompts us to seek for another origin of these features.
Hydration signatures
Figure 4 displays water vapour and temperature profiles obtained by Pico-SDLA (balloon descent) and FLASH-B (ascent and descent) successively in time in the quasisimultaneous soundings of 13 March. The levels of interest, at which the FLASH-B descent profile showed sharp enhancements, are marked by dashed lines with an indication of time when these levels were sampled. The FLASH-B ascent profile is limited to below 18.7 km as the measurements above that level are affected by water outgassing, which introduces a positive bias (with respect to the clean descent measurement) increasing with altitude (Sect. 2.1). The Pico-SDLA descent profile (Fig. 4a) shows a 240 mthick humid layer centred at 404 K (17.8 km, 82 hPa, 22:06 UTC) with an amplitude of enhancement of 0.6 ppmv. The amplitude is estimated as a difference between the peak value of the enhancement and a mean value over the underlying and overlying 300 m-thick layers. In the ascent profile of FLASH-B (Fig. 4b) , the enhancement at 404 K is discernible; however its amplitude (∼ 0.2 ppmv) is close to the detection limit of the instrument (0.1 ppmv). The descent profile of FLASH-B (Fig. 4c) Notable variability of water vapour vertical structure on a scale of a few tens of kilometres (minutes) indicates local processes such as overshooting convection, capable of injecting water above the tropopause. Throughout the paper we refer to the term "overshooting" with regard to the mass transport across the lapse rate tropopause (LRT). The LRT altitude on 13 March inferred from the FLASH-B sounding (RS92) amounted to 16.4 km.
Convective activity on 13 March
An extremely weak pressure gradient over south-eastern Brazil, combined with the equally weak upper air circulation, provided an ideal situation for convective activity over the State of São Paulo on 13 March. Isolated thunderstorms first developed in the south-east sector of the IPMet radar around noon, local time (UTC − 3 h), but quickly consolidated into large multicellular complexes, with several cells overshooting into the lower stratosphere during the later afternoon. A sequence of radar echo top images (240 km range, reflectivity threshold 10 dBZ) between 10:00 and 15:00 UTC, acquired every 7.5 min, revealed over 10 different convective cells reaching above 17 km. Shown in Fig. 5 is a composite radar image including all echo tops reaching above 15-17 km (see Sect. 4.4 for interpretation of the echo top altitudes) detected by the radar on 13 March in the upwind quadrant of the soundings. Whereas the convective cloud systems hosting the overshooting cells extended for over 100 km, the areas of radar echoes above 17 km were limited to a few tens of kilometres or less in diameter. The lifetime of overshooting cells, emerging sporadically above the "mother cloud", was typically limited to two successive radar volume scans, i.e. 15-29 min.
Given the position of the overshooting cells relative to the balloon soundings and the weak wind velocity in the TTL (< 5 m s −1 ), one can assume that the cells closest to Bauru (e.g. those tagged by black arrows in Fig. 5 ) are more likely to affect the composition of air sampled by the balloons. Figure 6 displays the temporally resolved cumulative area of all overshooting cloud tops observed on 13 March within the quantitative detection range of the IPMet radar (240 km). The peak of the overshooting area around 17:00 local time, which is consistent with a typical diurnal cycle of convection above land (Liu and Zipser, 2005) , is remarkable. The max- imum convective activity was recorded at 17:30 local time (14:30 UTC), when the total area of cloud tops above 17 and 16 km reached 100 and 200 km 2 respectively. For comparison, the combined overshooting area of the two small cells closest to Bauru (marked by arrows in Fig. 5 and by stars in Fig. 6 ) constitutes only about 4 % of the daily maximum of total cloud area above 16 km.
Overshoot tracking
The overshooting cells potentially responsible for the water enhancements were identified using HYSPLIT backward trajectories (not shown) and a sequence of radar echo top images. The hydrated air parcels sampled at 404 and 386 K were traced backward in time, through the radar scans sequence, until a parcel's trajectory matched in space and time with a convective cell reaching above 16 km. Two different convective cells, Cell 1 occurring at 16:46 UTC and Cell 2 at 17:38 UTC (marked by black arrows in Fig. 5 ) with overshooting tops located at 45 and 32 km respectively upwind from the FLASH-B sampling location (49 and 37 km from Pico-SDLA), were identified for both hydrated layers. It should be noted that the trajectory calculations strongly depend on the accuracy of the wind fields in the meteorological data fed into the model. This becomes particularly important when the tracked target (overshooting cell in this case) is smaller than a grid cell of meteorological data field. We attempt to compensate for this uncertainty by computing an ensemble of trajectories to estimate the dispersion of air parcels affected by overshooting convection. Figure 7 shows two blow-ups of the radar echo top images, where the overshooting cells, presumably responsible for the hydrated layers, are outlined with black rectangles. Superimposed on each radar image is an ensemble of 144 forward trajectories initialised within the rectangles at four levels corresponding to the vertical extent of the hydrated layers and spaced vertically by 50 m. The trajectory ensembles, colour-coded by UTC, show the spatio-temporal evolution of the plumes of overshooting cells. Note that the altitude excursions of the air parcels did not exceed 200 m according to HYSPLIT simulations. The locations where the hydrated layers were sampled are marked with circles along FLASH-B and Pico-SDLA balloon flight trajectories.
Cell 2, linked at 404 K to the hydrated layer by trajectories (Fig. 7b) had a lifetime of two radar scans and a diameter of less than 10 km. Its plume, as suggested by the trajectory ensemble, reached the sounding locations by 22:00 UTC and covered all three sampling locations where the hydrated layers were detected. The FLASH-B ascent sampling at 23:15 UTC is located on the edge of the plume, which may explain the subtlety of the corresponding water vapour enhancement (Fig. 4b) . Cell 1, linked with the hydrated layer at 386 K (Fig. 7a) , had yet smaller size and a lifetime limited to a single radar scan. Its plume had a smaller dispersion and covered the FLASH-B sampling locations only, which is likely why the hydrated layer at 386 K was not unambiguously detected by Pico-SDLA (Fig. 4a) .
Overall, the above analysis suggests a relation between the hydrated layers and convective overshoots upwind, which occurs 5-6 h before the soundings. The question is -could any other overshooting cells in the upwind area be responsible for the hydrated layers? As can be seen in Fig. 5 , the overshooting cells at 16:46 and 17:38 UTC are remarkably smaller than the other ones occurring upwind on that day; however the ERA-Interim wind velocities in the 100-70 hPa layer (shown as white vectors in Fig. 5 ) of the order of 5 m s −1 or less would not allow more distant overshoots to be transported in time to the sounding location. For example, the plumes of two larger cells detected south of Botucatu (Fig. 5) would have reached the sounding locations several hours after the measurements were taken. On the previous day (12 March) a medium-sized overshooting cell was detected about 200 km south-east of Bauru at 14:16 UTC (not shown); however its location and timing do not allow us to link it with the sounding location using trajectories. Therefore we are led to conclude that the two small overshooting cells of 13 March closest to the measurement location are the most likely sources of the hydrated layers. That said, we cannot entirely rule out the contribution from other convective cells because faster subgrid-scale winds, unresolved by the reanalysis, may exist around the strong convection.
Overshooting top altitude
The two overshooting cells shown in Fig. 7 are characterised by extremely strong updrafts, facilitating their rapid vertical growth. Figure 8 shows Cell 1 and Cell 2 vertical crosssections, highlighting the complexity of the cell structure and airflow. The vertical cuts were made along the base lines A-B and C-D (shown in Fig. 7a and b) using a reflectivity threshold of −6 dBZ (cf. 10 dBZ in Figs. 5 and 7) to enhance the sensitivity in the near range (the −2 dBZ contour is visible up to a range of 40 km). The maximum reflectivity was 52.8 and 54.2 dBZ in Cell 1 and Cell 2 respectively, typical for severe tropical storms, likely to produce hail on the ground.
Atmos. Chem. Phys., 16, 12273-12286, 2016 www.atmos-chem-phys.net/16/12273/2016/ The maximum height of the radar echo top for cells 1 and 2 was 17.1 and 17.3 km respectively as can be inferred from Fig. 8 . While this is consistent with the altitude of the corresponding moist layers, it is important to point out that radar can only detect raindrops, whereas the actual top of the cloud is likely to extend significantly higher, where ice crystals are the only hydrometeors in the overshooting turret, but which cannot be detected by the S-band radar.
The radial velocity cross-sections for both cells (not shown) obtained from the IPMet Doppler radar suggest that the outflow from both cells into their anvils exceeded −13 m s −1 (negative radial velocities indicate that the radial component of the three-dimensional movement of raindrops is towards the radar). Considering the ambient flow field of about 3 m s −1 in the same direction (Fig. 5) , the true outflow velocity can be estimated at about 10 m s −1 . The Cell 1 translation was only 2.7-4 m s −1 towards the north-east, but would contribute to redirect the moisture flux towards the balloon trajectories. Similar results are obtained for Cell 2.
Hydration process
The overshooting hydration is commonly conceived as a twostage process: a geyser-like injection of adiabatically cooled air (Danielsen, 1993; Jensen et al., 2007) together with ice particles (Nielsen et al., 2007; Corti et al., 2008 ) that further sediment out and/or sublimate, thereby locally increasing the water vapour amount at the level of detrainment Schiller et al., 2009) . Small cooling features (∼ −1 K) corresponding to the hydrated layer at 404 K are discernible in Fig. 4 ; however the backscatter measurements during that flight (green curve in Fig. 4c ) do not provide any indication for the presence of ice particles in the hydrated layers. Apparently, the ice detrained from convective updrafts has fully sublimated (or partly precipitated) before the plume was sampled. Indeed, the minimum saturation mixing ratio in the TTL -as derived from radiosonde data from the FLASH-B flight -amounted to 8.5 ppmv at 404 K (which translates into 47 % relative humidity over ice -RHi, cyan curve in Fig. 4c) , implying that the air was far from saturation conditions.
It should be kept in mind that subsaturation of air at and above the level of detrainment is a prerequisite for hydration of the stratosphere through overshooting. If the TTL above the level of detrainment is close to saturation, the stratospheric hydration is possible only if the humid air is injected above the temperature minimum (CPT), otherwise any amount of additional water in excess of the minimum saturation would freeze out as it rises into the stratosphere. Furthermore, if TTL is initially supersaturated, an overshoot can lead to dehydration as the excess vapour condenses on the ice crystals (Jensen et al., 2007) . In a generalized case, an overshoot must surpass the CPT level to ultimately hydrate the stratosphere; however if CPT is well below the saturation -as is the case here -any overshoot above the level of zero radiative heating (LZRH, ∼ 360 K, Fuegustaler et al., 2009) can potentially hydrate the stratosphere. In the case of 13 March, sounding CPT is found at 387 K (17.3 km), which is slightly above the lower humid layer (386 K) but well below the upper humid layer (404 K).
The observation of overshooting hydration presented here can be compared to a similar case captured by a balloon sounding conducted during monsoon season in western Africa ). However, in that case, a water vapour enhancement of 1.1 ppmv was observed together with a layer of ice particles in subsaturated air (56 % RHi) above a cloud anvil at 392 K (17.6 km altitude), indicating the ongoing sublimation of ice. A small cooling signature and a dip in ozone within the moist layer were also observed. The analysis of local radar acquisitions in Africa suggested that the ice was injected by a nearby upwind overshooting cell, 30-60 min before the detection -a much shorter time interval than that (5-6 h) in the present case.
Discussion and summary
High-resolution balloon-borne measurements of water vapour and aerosol reported here provide insights into the processes controlling the composition and structure of the TTL. The credibility of water vapour measurements exploited is confirmed by the excellent agreement between FLASH-B and Pico-SDLA hygrometers (Ghysels et al., 2016) , capturing identical vertical structures. The analysis provided above links the observed fine structures of TTL water vapour with two independent and concurrent transport processes -in-mixing from the extratropical stratosphere and convective hydration -both reflected by local enhancements of water vapour mixing ratio of similar amplitude. Remarkably, the signatures of both transport pathways, vertically spaced by only a few hundreds of metres, were coexisting in the same balloon profile.
The interpretation of the observed structures and their attribution to different transport pathways into the TTL was based on the use of satellite and ground-based radar observations together with back trajectories and transport modelling. CLaMS simulation precisely reproduces the signature of in-mixing from the extratropical LS, reflected in the measurements as coincident water vapour enhancement and methane depletion at 420-430 K. Both vertical and temporal extents of the observed features are fully consistent with those suggested by CLaMS simulation, revealing an intrusion of water-rich and methane-poor air within an elongated filament. The coincident local maximum of scattering ratio was interpreted using CALIPSO observations, showing larger aerosol load in the extratropical LS compared to the clean TTL. Although coincident enhancements in water vapour and aerosol can be in principle interpreted as a result of convective injection of ice particles and their partial sublimation, the argumentation provided above strongly supports the idea of horizontal in-mixing as being the cause.
The effect of in-mixing on the TTL composition and its seasonality is known to be most apparent in tracers of stratospheric origin and with strong meridional gradients in the lower stratosphere . Indeed, in-mixing was found to contribute considerably to the annual cycle of ozone above the tropical tropopause (Konopka et al., , 2010 . At the same time, the effect of in-mixing on the TTL water vapour seasonality is expected to be small at the tropics-wide scale . The in situ evidence of water vapour enhancement of 15 % in a 500 m-thick layer due to in-mixing -as reported in this study -can neither dispute nor support the above inference. Hence, we can only conclude that the intrusion of midlatitude air (containing slightly more water and slightly less methane) into the uppermost TTL predicted by CLaMS is fully confirmed by the measurements provided here. We note also that the manifestation of this transport pathway in water vapour and methane has never been previously evidenced by observations.
A less expected phenomenon evidenced by our observations is the effect of in-mixing on aerosol content of the TTL in the absence of volcanic eruptions injecting sulfur into the stratosphere. While a local maximum of aerosol SR at lower stratospheric levels is a typical signature of volcanic plume, Atmos. Chem. Phys., 16, [12273] [12274] [12275] [12276] [12277] [12278] [12279] [12280] [12281] [12282] [12283] [12284] [12285] [12286] 2016 www.atmos-chem-phys.net/16/12273/2016/ in our case it is conditioned by a higher stratospheric background aerosol load at midlatitudes with respect to the clean TTL in March, that is after the austral summer convective season, when systematic injections of clean tropospheric air reduce the aerosol abundance throughout the TTL (Vernier et al., 2011) . The fast cross-tropopause transport of clean air by overshooting has been shown to have a global-scale effect on the stratospheric aerosol budget (Vernier et al., 2011) . Regional effects of overshooting have been detected in various tropospheric tracers, such as N 2 O, CH 4 and CO (Ricaud et al., 2007 (Ricaud et al., , 2009 . Carminati et al. (2014) used MLS daytime and night-time observations to investigate the diurnal cycle of water vapour, cloud ice-water and temperature. They found a daytime moistening of the TTL and LS (up to 6 %) over southern tropical land during austral summer, which was attributed to convective hydration. According to Iwasaki et al. (2010) , the total number of overshoots penetrating the 380 K level across the tropical belt is 7 × 10 6 per year as inferred from CALIPSO and CloudSat radar observations. A hydration of about 100 t per event was estimated from these data. The frequency of clouds above 390 K was estimated to be 5-10 % by Massie et al. (2010) using High Resolution Dynamic Limb Sounder (HIRDLS) and CALIPSO observations.
It should be noted that MLS, CALIPSO, CloudSat and HIRDLS, all operating within the A-TRAIN constellation, only sample local times around 01:30 and 13:30, and therefore miss the strong late-afternoon peak of convective activity above tropical continents. Another important factor, hindering observation of convective moistening, is the broad vertical resolution of MLS profiles, which completely miss the hydration signatures, manifesting themselves at subkilometre vertical extent. On the modelling side, CTM simulations (like the one reported here), being capable of capturing fine structures due to horizontal transport, do not reproduce overshooting hydration signatures which originate from isolated convective systems. Presently, the localised deep convection and its impact on TTL composition and temperature can only be reliably simulated using non-hydrostatic cloudresolving models. Extrapolation of these results to regional or global scale remains a great challenge, partly due to the lack of observational constraints (Randel and Jensen, 2013) . Indeed, the number of in situ observations of moistening above 390 K is limited to only a few case studies, all quoted in the introduction. The lack of in situ evidence of moistening could be explained by (i) overall lack of high-quality in situ observations of TTL water vapour; (ii) logistical complexity of field operations in the regions of most vigorous convection (e.g. central Africa, Amazonian region or maritime continent) and (iii) difficulty (or impossibility) of balloon and aircraft operations near convective storms.
In this study we report new in situ evidence of convective hydration up to the 404 K level, detected as a 200-250 mthick enhancements of water vapour by up to 0.6 ppmv (18 %). Such a petty feature can hardly be used to support the importance of convective hydration. However, as we point out above, these tiny enhancements owe their existence to very small convective cells with overshooting area of a few square kilometres only and are remarkably smaller than other overshooting clouds observed on that day. Their cumulative effect on TTL water vapour may be substantial.
Interestingly, in our case the in-mixing from the extratropical stratosphere manifests itself in water vapour in a way very similar to what can be expected from convective hydration: the amplitude of enhancement in water vapour amounts to ∼ 0.5 ppmv for both horizontal and vertical transport signatures. However the moistening effect of in-mixing on the tropical LS is limited by the small meridional gradient of water vapour and can hardly exceed 0.5-0.7 ppmv. In contrast to that, the convective hydration of LS, which has a global effect proportional to overshoot frequency and intensity, should be limited only by the temperature at the level of injection. This way, a relatively warm TTL/LS above the continents, hosting the most vigorous convection, provides favourable conditions for the convective hydration of LS.
Data availability
The following satellite data used in this study are publicly available: CALIPSO, https://eosweb. larc.nasa.gov/project/calipso/calipso_table; MLS, http://mls.jpl.nasa.gov/products/h2o_product.php; COS-MIC, http://cdaac-www.cosmic.ucar.edu/cdaac/. The data from the balloon experiments can be obtained by contacting the principal author.
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